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ABSTRACT OF THESIS 

 

ELEVATION-DEPENDENT TRENDS IN PRECIPITATION OBSERVED BY THE 

NAME RADAR NETWORK 

 

 Radar data from the 2004 North American Monsoon Experiment (NAME) 

Enhanced Observing Period (EOP) are used to investigate diurnal trends and vertical 

structure of precipitating features relative to local terrain. Two-dimensional 

composites of reflectivity and rain rate, created from the two C-band SMN Doppler 

radars and NCAR's S-band polarimetric Doppler radar (S-Pol), were divided into four 

elevation groups: over water, 0-1000 m (MSL), 1000-2000 m, and greater than 2000 

m. Analysis of precipitation frequency and average rainfall intensity using these 

composites reveal a strong diurnal trend in precipitation similar to that observed by the 

NAME Event Rain gauge Network (NERN). Precipitation occurs most frequently 

during the afternoon over the Sierra Madre Occidental (SMO), with the peak 

frequency moving over the lower elevations by evening. Also, the precipitation events 

over the lower elevations are less frequent but of greater intensity (rain rate) than those 

over the SMO.  

 Precipitation echoes were partitioned into convective and stratiform 

components to allow for examination of vertical characteristics of convection using 

data from S-Pol. Analyses of reflectivity profiles and echo-top heights confirm that 
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convection over the lower terrain is more intense and vertically developed than 

convection over the SMO. Warm-cloud depths, determined from the CSU-NAME 

upper-air and surface gridded analyses are, on average, twice as deep over the lower 

terrain as compared to over the SMO. Finally, using a simplified stochastic model for 

drop growth, it is shown that these differences in warm-cloud depths could possibly 

explain the observed elevation-dependent trends in precipitation intensity. 

 

Angela K. Rowe 
Atmospheric Science Department 

Colorado State University 
Fort Collins, CO 80523 

Fall 2007
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CHAPTER I 

Introduction 

 

1.1 Background and Motivation 

Precipitating clouds in the Tropics have important impacts on the global heat 

budget; most notably as a source of diabatic heat that drives thermally induced 

atmospheric circulations such as the Hadley cell (Hartmann et al. 1984). Monsoons are 

major components of the Hadley circulation, as well as overall atmospheric heating. 

Monsoon precipitation also has major impacts on the global hydrologic cycle. The 

North American Monsoon (NAM), in particular, is a circulation, centered over 

northwest Mexico that develops in the Northern Hemisphere (NH) summer in 

response to changes in large-scale land-sea temperature contrasts (Barlow et al. 1998).  

 

1.1.1 North American Monsoon 

 During mid- to- late June, there is a shift in warm-season climate, as shown in 

Figure 1.1, characterized primarily by an abrupt transition from relatively hot, dry 

weather to cooler, rainy conditions in the semiarid regions of southwestern United 

States and western Mexico (e.g., Douglas et al. 1993; Adams and Comrie 1997). The 

arrival of strong convection in this region has also been linked to a decrease in 

precipitation over the Great Plains in the United States (e.g., Douglas et al. 1993; 

Mock 1996; Higgins et al. 1997) and to an increase in rainfall over the East Coast of 
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the U.S. (e.g., Higgins et al. 1997). The onset of the NAM system, and associated 

increase in precipitation, in June coincides with a weakening and northward retreat of 

the extratropical storm track over the conterminous U.S. (e.g., Whittaker and Horn 

1981; Parker et al. 1989), with increased vertical transport of moisture by convection 

(Douglas et al. 1993) and with a shift to southerly winds over the Gulf of California 

(Badan-Dagan et al. 1991). The intense heating of the elevated terrain over the western 

U.S. and Mexico during this time of year, as well as enhanced latent heat release due 

to convection developing in this region, increases geopotential heights in the 

midlatitudes, resulting in a strong upper-level ridge; this “monsoon high” is similar to 

the Tibetan High over Asia (e.g., Tang and Reiter 1984). Heavy rainfall often spreads 

into Arizona and New Mexico by early July, coincident with the strengthening of the 

upper-level anticyclone (e.g., Okabe 1995), as well as the development of a thermally 

induced trough in the southwestern U.S. (Tang and Reiter 1984; Rowson and Colucci 

1992), and the formation of a southerly low-level jet that advects moisture from the 

Gulf of California (Carleton 1986; Douglas 1995). A schematic representing the fully 

developed NAM system during July-September is shown in Figure 1.2, revealing the 

position of the anticyclone (denoted with an A), the upper-level ridge (represented by 

the 200-hPa streamlines), and the southerly flow at low-levels (shown by the mean 

925-hPa vector wind) that results in the increase in convection in northwestern Mexico 

and the southwestern U.S.  

Carleton et al. (1990), among others, noted that latitudinal shifts in the position 

of the upper-level ridge over the southwestern U.S. contributes significantly to 

intraseasonal, interannual, and even multi-decadal variability of the NAM system. 
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Synoptic-scale influences, such as occurrence of tropical storms and frequency of 

mesoscale convective systems (MCSs), easterly wave passages, surges of moisture 

from the Gulf of California, and quasi-periodic oscillations all may also lead to 

intraseasonal variability of the NAM (Higgins et al. 1999). Accurate modeling and 

prediction of the establishment and variability of the NAM is crucial not only for 

improved warm-season forecasts and climate prediction, but also for management of 

water resources. This factor is especially important for regions in northwestern 

Mexico, where 50-80% of the annual water resource is received from monsoon 

precipitation (Gochis et al. 2006). 

 

1.1.2 Diurnal Cycle of Precipitation 

The local topography of the core NAM area in northwestern Mexico, shown in 

Figure 1.3, is dominated by the Sierra Madre Occidental (SMO), which extends to 

over 3000 m (MSL) and has been found to have important impacts on the diurnal 

cycle of monsoon precipitation in this region (e.g., Gochis et al. 2003; 2004; Lang et 

al. 2007). The diurnal trend of rainfall is generally characterized by the initiation of 

convection over the peaks and western foothills of the SMO during the late afternoon 

(Gochis et al. 2004), followed by a westward propagation and upscale growth into 

mesoscale convective systems (MCSs) during the late evening/early morning hours 

(Farfán and Zehnder 1994; Janowiak et al. 2005; Lang et al. 2007). Lang et al. (2007), 

for example, found that precipitation occurring over the Gulf of California is 

approximately 12 hours out of phase with precipitation over the SMO.  
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This diurnal cycle of precipitation associated with the NAM system is poorly 

represented in global and regional models (Collier and Zhang 2007). The NCEP 

Global Forecast System (GFS) produced a diurnal cycle in precipitation that was 

phase-shifted three hours earlier than observed from a merged satellite-gauge product 

(Janowiak et al. 2007). Improvements in modeling accurate spatial and temporal 

distributions of precipitation occurred using the fifth-generation Pennsylvania State 

University-National Center for Atmospheric Research Mesoscale Model (MM5) 

regional model compared to global models; however, this model was still unable to 

produce an accurate evolution of the diurnal cycle of precipitation (Gao et al. 2007). 

Crucial questions need to be addressed regarding the preferred location of convective 

initiation along the SMO, frequency and intensity of rainfall, and the evolution of the 

precipitating features in relation to local forcing in order to improve simulations of the 

diurnal cycle in numerical models (Lang et al. 2007). 

 

1.2 NAME Overview 

The main goal of the North American Monsoon Experiment (NAME) was to 

better understand precipitation processes occurring in the core region of the NAM, 

leading to improved prediction of warm-season rainfall (Higgins et al. 2006). NAME 

employed a tiered approach to monitor, diagnose, and model key features of the NAM 

in the core region (Tier 1), on a regional-scale (Tier 2), and on a continental-scale 

(Tier 3), as shown in Figure 1.4. The international (U.S., Mexico, Belize, Costa Rica), 

multiagency (NOAA, NASA, NSF, USDA, DOD) NAME field campaign occurred 

during the summer of 2004, with an enhanced observing period (EOP) during June-
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September of that year. Intensive observing period (IOP) missions were conducted 

during a six-week period from 1 July-15 August, with a focus on studying the 

variability of convective systems over the diurnal cycle in the NAME Tier-1 domain 

(Higgins et al. 2006). The IOPs involved an extensive set of atmospheric, oceanic, and 

land surface observations in this domain, which included a variety of observational 

platforms and instrumentation, such as surface stations, a research vessel, satellites, 

wind profilers, an upper sonde network, rain gauge networks, radars, and a research 

aircraft, among others. These platforms, shown in Figure 1.5, provided a wealth of 

data to analyze both the horizontal and vertical characteristics of precipitation, 

including the poorly understood diurnal cycle. 

 Data from the NAME Event Rain gauge Network (NERN), consisting of 87 

automatic-recording, tipping-bucket rain gauges positioned along six transects, 

highlighted a strong dependence of precipitation frequency and intensity on elevation 

(Gochis et al. 2004). These results revealed two main daily and sub-daily precipitation 

features: 1) a core region of frequent, but moderate intensity precipitation over the 

high terrain of the SMO, and 2) an elevation-dependent diurnal cycle of precipitation 

where rainfall occurs earliest and most frequently over the higher elevations and later 

in the afternoon/evening and overnight across lower elevations, but with less 

frequency and higher intensity (Gochis et al. 2004). Due to the sparse coverage of and 

obvious lack of vertical information from the NERN data, radar data are needed to 

further examine the structure, kinematics, and morphology of convection, including 

the diurnal cycle of precipitating clouds within the core monsoon region (Lang et al. 

2007).  
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1.3 Scientific Objectives 

This study uses data provided by the NAME radar network in order to address 

the following objectives: 

1) To place the NERN gauge data within a larger context; 

2)  To provide more detailed and comprehensive statistics of intensity and 

frequency of NAM precipitation, with emphasis on the dependence to the 

local topography; 

3)  To determine elevation-dependent trends in vertical characteristics of 

convection in the core monsoon region. 

Detailed descriptions of the radar network, as well as methodology, are 

presented in Chapter Two. Analyses of key features in the diurnal cycle of 

precipitation, emphasizing elevation-dependent trends in rainfall frequency and 

intensity, are presented in Chapter Three. Vertical characteristics of convection as a 

function of topography are discussed in Chapter Four, and Chapter Five provides an 

explanation for the observed trends revealed in the previous two chapters. A 

summary of the results presented in this study and their implications for future work 

are available in Chapter Six. 

 



 7

 
 
Figure 1.1: The seasonal distribution, from January to December, of precipitation 
across northwestern Mexico and the southwestern U.S. The vertical axis extends to 
180 mm of precipitation with 20 mm increments. Areas south of the broken line 
receive greater than 50% of their annual rainfall in July, August, and September (from 
Douglas et al. 1993).
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Figure 1.2: Mean (July-September 1979-95) 925-hPa vector wind and 200-hPa 
streamlines (taken from the NCEP-NCAR reanalysis archive), with merged satellite 
estimates and stations observations of precipitation (shading). The “A” denotes the 
position of the North American monsoon anticyclone, and the Bermuda and North 
Pacific subtropical high pressure centers are indicated by “H.” Precipitation is given in 
mm, and the characteristic vector length is 10 m s- 1. The approximate location of the 
Great Plains low-level jet is indicated by the heavy solid arrow (from Higgins et al. 
1997).
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Figure 1.3: Topography of the core NAM area in northwestern Mexico. Elevation data 
is provided on a 0.02°-grid resolution from 0 to 3500 m (MSL).
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Figure 1.4: Schematic illustrating the multitiered approach of the North American 
Monsoon Experiment (NAME). Also shown is the mean (July-September 1979-95) 
925-hPa vector wind (m s-1), taken from the NCEP-NCAR reanalysis, and the merged 
satellite estimates and rain gauge observations of precipitation (shading; mm). 
Transient lines near 10-15°N (40°N) indicate westward (eastward) propagation of 
disturbances such as easterly waves (midlatitude fronts) (from Higgins et al. 2006). 
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Figure 1.5: The observing system enhancements for the NAME 2004 EOP (from 
Higgins et al. 2006).
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CHAPTER II 

Data and Methodology 

 

2.1 NAME Radar Network  

 Three ground-based radars were operational in northwestern Mexico during the 

NAME EOP in July and August of the 2004 field campaign (Higgins et al. 2006). This 

radar network (shown in Figure 2.1) consisted of the National Center for Atmospheric 

Research's S-band polarimetric Doppler radar (S-Pol), located at (23.929ºN, 

106.9521ºW), and two C-band Doppler radars (digitized for NAME by NCAR) 

operated by the Mexican weather service (SMN): Cabo (22.8971ºN, 109.9272ºW), and 

Guasave (25.5676ºN, 108.4633ºW).  

 

2.1.1 S-Pol 

 S-Pol operated at two main pulse repetition frequencies, 720 Hz (most 

common) and 960 Hz, providing maximum unambiguous ranges of approximately 210 

km and 150 km, respectively, with a beamwidth of 1.0º. Data from S-Pol were 

acquired from 8 July to 21 August 2004. S-Pol scans included a set of low-angle 360º 

surveillance scans, with elevation angles of 0.8º, 1.3º, and 1.8º, for rain mapping to the 

maximum range of roughly 210 km, and a set of full volume scans extending to higher 

elevation angles to describe the vertical structure of precipitation. Also, sector volume 

scans, with azimuthal widths between 90º and 120º, were used for 36 cases
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 (comprising about 95 hours of scan time) to document the detailed temporal evolution 

of individual precipitating features.  

 S-Pol, a polarimetric radar, transmits and receives horizontally and vertically 

polarized electromagnetic radiation. Polarimetric variables measured by S-Pol yield 

information on the size, shape, orientation, and thermodynamic phase of hydrometeors 

(e.g., Carey and Rutledge 1998). The availability of the polarimetric variables aided in 

the automation of quality control for S-Pol by applying quality control algorithms to 

these variables for all 360º sweeps to eliminate clutter/anomalous propagation, noise, 

second-trip echo, and insect echo and to correct beam blockage. 

 

2.1.2 SMN Radars 

 The SMN radars scanned at only a single elevation angle, varying between 

0.5º, 1.0º, and 1.5º for Guasave and fixed at 0.6º for Cabo, and provided coverage to a 

maximum unambiguous range of nominally 230 km. Data from the Cabo and Guasave 

radars were processed for the same time frame as the S-Pol operations, although data 

from Guasave were not available for most of the period between 22-31 July due to 

recording problems (Lang et al. 2007). Quality control for the SMN radars was 

partially automated, and part hand-edited to eliminate clutter, noise, second-trip, and 

insects. A reflectivity offset was applied to Guasave and Cabo data based on visual 

and statistical intercomparisons with S-Pol reflectivities. Cabo had persistent sea 

clutter in its vicinity; therefore, any echo with brightness temperatures > 290 K 

(obtained from GOES IR imagery) was considered clutter and eliminated. Additional 



 14

details regarding the quality control of the S-Pol and SMN radars can be obtained 

from Lang et al. (2007). 

 

2.2 Two-Dimensional Composites 

 After a considerable amount of quality control was applied to the data from all 

three radars, the radar data were interpolated from the original polar-coordinate format 

to a two-dimensional spherical grid. Sweep files from the lowest elevation angles at 

approximately the same time were combined to create composites available every 15 

minutes from 8 July 0000 UTC through 21 August 2345 UTC at a 0.02º 

latitude/longitude resolution. The 2-D composites used in this study included GOES 

infrared brightness temperature (to filter sea clutter near the Cabo radar), near-surface 

reflectivity, and near-surface rain rate. For grid points where radar gates overlapped, 

the lowest elevation gate took precedence, higher gates were eliminated, and the 

remaining gates were combined and interpolated to the latitude/longitude grid using an 

inverse-distance weighting method (Lang et al. 2007).  

 S-Pol rain rates were computed using a modified version of the CSU blended 

rainfall algorithm shown in Figure 2.2 (Cifelli et al. 2002), which varies the 

computation of rain rate depending on thresholds of the polarimetric variables and the 

presence of mixed-phase precipitation. This method has been demonstrated to provide 

superior rain estimates compared to Z-R or any other single polarimetric rain estimator 

(Cifelli et al. 2002). Rain rates for Cabo and Guasave were computed using a Z-R 

relationship of Z=133 R1.5 (Z; mm6 m-3, R; mm h-1), derived from a polarimetrically 

tuned approach to the S-Pol data (Bringi et al. 2004). This approach involved 
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averaging the Z-R coefficients obtained for all viable gates from one week's S-Pol data 

to obtain this final relationship. Rain rates were capped at 250 mm h-1 in order to 

reduce ice contamination; if rain rates exceeded this value, the rain rate was set to this 

maximum value. Figure 2.3 displays an example rain rate composite from these three 

radars, showing their locations and the areal coverage of the network. Information 

obtained from these 2-D composites was valuable for analyzing diurnal trends in 

precipitation frequency and intensity across a relatively large portion of the NAME 

Tier I region. 

 

2.3 Three-Dimensional Data  

 A three-dimensional Cartesian grid was created using only S-Pol data to allow 

for examination of the vertical structure of precipitating features. The grids were 

created using the National Center for Atmospheric Research's (NCAR) Sorted Position 

Radar INTerpolator (SPRINT; Mohr and Vaughn 1979; Miller et al. 1986). The 

horizontal range of this 3-D data set extended roughly 160 km from S-Pol in all 

directions, with a vertical resolution of 1 km extending from 1-20 km. This 

information was available at 15-min temporal resolution and at the same 0.02º-

latitude/longitude horizontal resolution as the two-dimensional composites to allow for 

comparison with the horizontal view of precipitation. Although only the reflectivity 

field was utilized for this current study, all major polarimetric variables were available 

from this 3-D dataset, including differential reflectivity, specific differential phase, 

linear depolarization ratio, and correlation coefficient (e.g., Doviak and Zrnic 1993, 

Ch. 6). 
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2.4 Topographic Data 

 Topographic data were also available on 0.02º-grid spacing, with elevation 

given in meters above mean sea level (MSL). This data set was separated into four 

elevation groups (over water and over land with the following elevation increments, 0-

1000 m, 1000-2000 m, and greater than 2000 m) in order to examine the 

characteristics of precipitation over the coastal areas and water in relation to over the 

SMO. This specific grouping of elevation was chosen to correspond to the low, 

middle, and high elevation groups used for the NERN data (Gochis et al. 2004). A 

shift of 500 m in the group thresholds (e.g., 0-500 m, 500-1500 m, and >1500 m) 

produced similar trends to those observed in this study; therefore, the results were not 

highly dependent on the elevation grouping of choice.  

The area contained within each elevation group was computed by solving a 

double integral over the boundary latitudes and longitudes for each grid box from the 

2-D composites to calculate the surface area of a partial sphere. The number of grid 

points available in each elevation group, with the associated coverage areas within the 

domain, is shown in Table 2.1. This information was particularly useful for 

normalizing rainfall statistics in terms of the area that the radar network encompassed 

within each elevation group. 

 

2.5 Convective-Stratiform Partitioning 

 A partitioning scheme, following Yuter and Houze (1997, 1998), was applied 

to each grid point on the 2-D reflectivity composites with reflectivity greater than 0 
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dBZ in order to distinguish between convective and stratiform precipitation. Grid 

points were first partitioned based on an absolute criterion, for which the grid point 

was classified as convective if it exceeded a threshold of 40 dBZ; this value was 

chosen for this study based on previous work (e.g., Steiner et al. 1995; DeMott and 

Rutledge 1998; Rickenbach and Rutledge 1998; Cifelli et al. 2002). If the reflectivity 

did not exceed this threshold, a gradient criterion was applied for which the 

reflectivity at that grid point had to exceed the parameter ?Z, defined as: 

?Z = a cos((?*Zbg)/2b) 

where Zbg was the average reflectivity within an 11-km radius of that grid point, and a 

and b were user-specified parameters to optimize performance for the given data set. 

For this study, a and b were 8 and 150 (compared to 8 and 64 used originally in Yuter 

and Houze 1997, 1998), respectively, based on detailed tests of the classification for a 

variety of cases from the NAME radar data set, including scattered convection, linear 

features, large mesoscale convective systems, and stratiform precipitation with 

embedded convection. Once both criteria were applied to each grid point, the 

partitioning algorithm set a convective radius around each convective grid point, based 

on background reflectivity (Zbg), and each point within this radius was also classified 

as convective. For this study, the thresholds for Zbg were decreased by 5 dBZ (relative 

to Yuter and Houze 1997, 1998) to compensate for convection that was incorrectly 

classified due to altering the b parameter. By comparison with 2-D reflectivity 

composites, Figures 2.4a-c show the accuracy of the partitioning for a linear case from 

0300 UTC on 8 July (Figure 2.4a), a scattered convection case from 2100 UTC on 30 
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July (Figure 2.4b), and for a large mesoscale convective system (MCS) from 0000 

UTC on 31 July (Figure 2.4c). 
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Table 2.1: The number of grid points and the areal coverage (km2) associated with the 
elevation groups used in this study (in m), binned on a 0.02°-resolution grid spacing, 
for the 2-D composites and S-Pol domain. 
 

 
Elevation 
bin (m) 

 

 
Count (2-D 
composites) 

 
Area (2-D; 

km2) 

 
Count  
(S-Pol) 

 
Area (S-Pol; 

km2) 

 
Water 

 

 
107362 

 
486765 

 
12726 

 
57124 

 
All land 

 
82334 

 
363519 

 
14499 

 
64511 

 
 

0-1000 
 

42046 
 

186689 
 

8434 
 

37733 
 

 
1000-2000 

 
22307 

 
97535 

 
2409 

 
10685 

 
 

> 2000 
 

17981 
 

79307 
 

3656 
 

16093 
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Figure 2.1: The radar sites available during NAME. The radars used in this study, 
located in the Tier 1 domain, are Guasave, S-Pol, and Cabo. 
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Figure 2.2: A flow chart for the CSU blended algorithm to compute rain rates using 
polarimetric variables from S-Pol (from Cifelli et al. 2002). 
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Figure 2.3: Two-dimensional rain rate composite from 0000 UTC on 6 August 2004. 
Rain rates are displayed at a 0.02°- grid spacing in mm h-1. Dashed circles represent 
the range of each radar in the network. Diamonds denote the location of the three 
radars: S-Pol (23.929ºN, 106.9521ºW), Cabo (22.8971ºN, 109.9272ºW), and Guasave 
(25.5676ºN, 108.4633ºW). 
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a) 

 
 

 
Figure 2.4: The left panel displays the 2-D composite reflectivity from a) 0300 UTC 
on 8 July 2004 in dBZ for a linear case. The right panel displays the corresponding 
convective-stratiform partitioning for this time. Red and blue colors in the right panel 
represent convection and stratiform grid points, respectively. 
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b) 

 
 
 

Figure 2.4: Results for (b) at 2100 UTC on 30 July for a case of scattered convection. 
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c) 

 
 
 

Figure 2.4: Results for (c) at 0000 UTC on 31 July for a large mesoscale convective 
system (MCS)
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CHAPTER III 

Trends in Rainfall Intensity and Frequency 

 

3.1 Precipitation Intensity as a Function of Terrain 

 The elevation-dependent trends in precipitation are first investigated using the 

2-D rain rate composites from the NAME radar network. Cumulative distribution 

functions of 15-min (highest temporal resolution possible) and 24-hour rainfall totals 

(in mm) are computed from these composites to determine which of the four elevation 

groups contributed the greatest rainfall at these timescales. The 15-min rainfall rates, 

taken directly from the 2-D composites, are divided by four (given there are four rain 

rate composites available each hour) in order to obtain 15-min rainfall totals in mm, 

which are then binned from 0 to 84 mm by 2 mm increments. The majority of the 

largest 15-min rainfall totals occur in the 0-1000 m and 1000-2000 m elevation ranges 

(Figure 3.1a), whereas the greatest fraction of precipitation over the SMO (> 2000 m) 

is confined to lower rainfall totals in comparison to over the lower elevations. This 

agrees with results drawn from the NERN data in Gochis et al. (2007), which showed 

that for 10-min event rain totals, there was a clear progression toward a greater 

number of heavier precipitation events with decreasing elevation. 

 The 2-D composite rain rates are also used to compute daily rainfall totals 

binned from 0 to 270 mm by 5 mm increments. Figure 3.1b shows the cumulative 

distribution function for these 24-hour rainfall totals, revealing that the greatest 24-
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hour rainfall accumulations occur over elevations below 2000 m, with lower daily 

totals contributing to a greater fraction over the SMO (> 2000 m). These differences 

between 15-min and 24-hour rainfall totals for elevations less then 2000 m and for 

those greater than 2000 m suggest that precipitation is more intense and has a longer 

duration over the lower elevations than precipitation over the SMO. A similar trend 

was observed by the NERN, for which Gochis et al. (2007) suggested the potential for 

the foothills of the SMO to receive brief periods of intense rainfall, but these intense 

rates are not sustained as long as over or nearer to the coast. Therefore, there are likely 

to be certain environmental conditions that favor organization and lead to longer-lived 

systems over the coast than over the SMO (Lang et al. 2007). An example of this is a 

merger of the sea breeze convergence with outflow from terrain-generated convection, 

which was repeatedly observed during the field campaign.  

 

3.2 Hourly Rainfall Statistics 

 Negri et al. (1994) first identified the diurnal cycle of precipitation within the 

core North American Monsoon region using rainfall estimates derived from Special 

Sensor Microwave/Imager (SSMI/I) microwave images. This cycle is characterized by 

convective initiation over the peaks and western slopes of the SMO during the 

afternoon, and the occurrence of convection offshore during the early morning hours 

(e.g., Lang et al. 2007). Gochis et al. (2003) related this cycle to daily mountain-valley 

circulations, describing an enhancement of afternoon convection over the SMO by 

onshore and upslope moist flow from the Gulf of California. Once the upslope flow 

reverses with decreased solar insolation, a westward-propagating zone of convergence 
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is generated, aiding in the movement of convection over the coast and Gulf of 

California by the early morning (Gochis et al. 2003). Also, low-level environmental 

shear was found to be important for the upscale-growth and longer life cycles of 

precipitating features as they move toward the coast (Lang et al. 2007). Because 

monsoon convection is affected by terrain-induced circulations, Gochis et al. (2007) 

hypothesized that the relationship between precipitation intensity and elevation is 

linked to access of moisture and organizing dynamics that are less inhibited by terrain.  

 

3.2.1 Average Rainfall Intensity and Frequency 

 Plots of hourly intensity averages and precipitation frequency are created using 

the rain rates from the 2-D radar composites to further investigate the elevation-

dependent diurnal trends in precipitation. Figure 3.2a shows the conditional hourly 

rainfall rate averages; these are conditional in that the total rainfall for each hour 

accumulated over the entire domain of every 2-D composite are divided by only the 

points where the rain rate exceeds 0.0 mm h-1. Figure 3.2b displays the precipitation 

frequency as a function of topography and local time, normalized by the total number 

of points (raining and non-raining) in each elevation group for all 2-D composites. 

Similar to the results from the NERN, these plots show the initiation of convection 

over the high elevations of the SMO during the afternoon and the tendency for greater 

intensity, but less frequent precipitation events to occur during the early-morning 

hours over the low terrain (Gochis et al. 2004). Precipitation frequency peaks at 1600 

Local Daylight Time (LDT; UTC – 6) over the SMO (> 2000 m), but with rainfall 

rates a factor of two less than those over the lower terrain during this time. The peak in 
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frequency shifts to lower elevations as the day progresses, with a secondary peak in 

intensity that occurs at 0800 LDT over the coast (0-1000 m).  

 Gochis et al. (2004) found that the region in the northwestern part of the NERN 

domain, corresponding to the 0-1000 m elevation group, was characterized by 

infrequent but intense nocturnal rainfall as a result of long-lived mesoscale convective 

systems. These MCSs have been said to form from upscale growth of the convection 

that initiated over the high terrain into MCSs that propagate toward the Gulf of 

California (Farfán and Zehnder 1994; Janowiak et al. 2005). More specifically, Lang 

et al. (2007) concluded that the late night-early morning maximum in precipitation 

along the coast is primarily due to organized convective systems (e.g., MCSs) that 

propagate westward off the SMO or northwestward from a region near Puerto 

Vallarta, although there is a significant intraseasonal variability in the degree of 

convective organization that influences precipitation production within the diurnal 

cycle (Nesbitt and Zipser 2003). Lang et al. (2007) also suggested a relationship 

between the location of this maximum in early morning convection and the offshore 

location of a land-breeze front. They suspected that although this late-morning sea 

breeze plays only a minor role in convective initiation, it may be important for 

organizing the SMO convection as it moves over the coastal plain during the morning 

hours (e.g., Kingsmill 1995).  

 

3.2.2 Frequency Diagrams 

 The diurnal cycle of precipitation relative to terrain is further investigated 

using diagrams similar to the contoured frequency by altitude diagrams (CFADs) of 
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Yuter and Houze (1995). The ordinate of the diagram in this case is local elevation (in 

meters MSL), the abscissa is rain rate (mm h-1), and the rain rate frequency as a 

function of elevation is contoured (Figure 3.3). The benefit of using these types of 

diagrams is that they preserve the information of the non-Gaussian distribution of 

rainfall rates (Yuter and Houze 1995). For this study, frequency of rain rate as a 

function of time and elevation are constructed for 0100 UTC, 0600 UTC, 1200 UTC, 

and 1800 UTC (Figures 3.3a-d). Rain rates at the hour of interest are averaged with the 

rain rates at times 15 minutes prior and after the hour to obtain a more accurate 

representation of precipitation at that time. These intensities are also averaged over all 

hours to obtain daily averages at each grid point, and frequencies are normalized by 

the total frequency of average rain rates for the given elevation group.  

 Figure 3.3 emphasizes the tendency for frequent late-afternoon precipitation to 

occur over the SMO, and the confinement of higher precipitation rates to the lowest 

elevations during the later evening and overnight hours. At 0100 UTC (1900 LDT), 

Figure 3.3a, the peak frequencies are concentrated between 2000-3000 m, but are 

limited to the lowest intensities. As time progresses, the lower intensity precipitation is 

as likely to occur over the lower elevations as over the higher (Figure 3.3c). Also 

worth noting is the concentration of higher frequencies of more intense rainfall being 

confined to the lower elevations, especially at 1800 UTC (1200 LDT, Figure 3.3d), 

when long-lived systems are producing precipitation near the coast. These trends agree 

with previous findings (e.g., Gochis et al. 2004); however the vertical characteristics 

of precipitation as a function of terrain also need to be analyzed to determine possible 
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explanations for the greater rain rates observed at lower elevations compared to the 

high terrain of the SMO. 
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Figure 3.1: Cumulative distribution functions calculated for a) 15-min rain totals and 
b) 24-hour rain totals. Values are computed over the entire 2-D composite domain for 
every available radar volume scan. 
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Figure 3.2: Hourly plots of a) rainfall intensity, averaged for all grid points with 
observed rain rate greater than 0 mm h-1, and b) precipitation frequency, normalized 
by all available grid points in the specific elevation group. Hour of day is presented in 
local daylight time (LDT; UTC – 6 hours). 
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Figure 3.3: Contoured frequencies of rain intensity (mm h-1) with respect to elevation 
for a) 0100 UTC, b) 0600 UTC, c) 1200 UTC, d) 1800 UTC are shown with 
frequencies normalized by the total number of grid points with average rain rates 
greater than 0 mm h-1 in the elevation group of interest. Elevations less than 0 m 
represent water and the shading represents the fraction of occurrence of a specific rain 
rate for a given elevation band.
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CHAPTER IV 

Vertical Characteristics of Precipitation 

 

4.1 Mean Reflectivity 

 The 3-D data from S-Pol is used to analyze the vertical characteristics of 

convection during NAME to search for possible elevation-dependent trends. Each grid 

point is subjected to the previously described convective-stratiform partitioning to 

investigate features of both convective and stratiform precipitation in this region. 

Using S-Pol data, conditional averages of reflectivity as a function of height (MSL) 

are computed. Only grid points with reflectivities greater than 0 dBZ are included 

(reflectivities were converted to linear units (mm6 m-3) prior to averaging). Also, 

average reflectivities are not computed above 12 km because there are so few points 

above this level such that the averages are heavily skewed toward the few higher 

reflectivities, yielding unrealistic profiles. 

 

4.1.1 Partitioned Profiles 

 Conditional averages of reflectivity as a function of topography are shown in 

Figures 4.1a-c for total, convective, and stratiform precipitation, respectively, 

averaged over the entire time period. Overall, reflectivity for all precipitating features 

is highest throughout most of the column for the lower terrain (0-1000 m) with 
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decreasing average reflectivity for increasing elevation. Precipitation over the water is 

least intense with average reflectivities of a few dBZ less, especially for the taller 

precipitating features. There appears to be a greater separation in profiles for 

convective precipitation, although average reflectivity is again highest throughout the 

column for the lower terrain over land. The profiles for stratiform precipitation most 

resemble the profiles for all precipitation, with the exception of a more pronounced 

brightband area near 4 km. Overall, the profiles of conditional average reflectivity 

indicate a tendency for precipitating features, especially convection, to be more 

vertically intense over the lower terrain than over the SMO. 

 

4.1.2 Diurnal Cycle 

 The diurnal cycle of average reflectivity profiles for S-Pol data is also 

investigated. Figures 4.2a,b show the conditional average reflectivity for convective 

and stratiform precipitation, respectively, as a function of height (MSL) and hour 

(LDT) divided into the four elevation groups. Over the SMO (> 2000 m), the most 

intense convection is confined to the afternoon hours, consistent with the plots created 

from the 2-D composites. Evidently, convection over the SMO does not extend as high 

as the convection over the lower terrain. Intense convection in the 0-1000 m elevation 

range occurs, on average, during more times of the day than the other elevation 

groups, and reflectivity on the order of 40 dBZ extends to 5-6 km MSL during the late 

afternoon. Over water, intense convection is typically limited to overnight and early 

morning hours, and is not as vertically intense as the convection over land. Stratiform 

precipitation shows similar trends, but with less intensity, as would be expected. 
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Overall, precipitation, whether convective or stratiform, is most intense over the lower 

terrain during the late afternoon hours. 

 

4.2 Land-Water Differences 

 A closer examination of differences between convection over land and water in 

the S-Pol domain is possible through comparisons of probability density functions 

(PDFs) for reflectivity as shown in Figures 4.3a-c. Differences between reflectivity 

bins for land and water appear to be minimal by examination of Figures 4.3a and 4.3b, 

respectively. Figure 4.3c allows for a more detailed analysis of vertical characteristics 

of convection over land in comparison to over water. There is a greater occurrence of 

reflectivity values less than 35 dBZ at lower heights over water compared to over 

land; the highest frequency of these reflectivity values associated with convection over 

land extend to greater heights than over water. Also, there is an overall greater 

occurrence of higher reflectivities (> 35 dBZ) over land than over water for all 

heights. This further suggests that during NAME, convection over land was more 

vertically intense with larger updrafts and occurrence of precipitation-sized ice above 

the 0°C level (at about 5 km) than convection over water. 

 

4.3 Distributions of Echo-top and 30-dBZ Heights 

 To further investigate vertical characteristics of convection as a function of 

topography, echo-top heights are computed, using the S-Pol data, for each convective 

grid point with an observed rain rate greater than 0 mm h-1. This grid column approach 

does not take into account the effects of shear on convection; however, it is a 
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reasonable assumption that convective echo and rainfall at a particular grid point is 

associated with processes within the grid column above (DeMott and Rutledge 1998). 

Therefore, for each grid point, rainfall is compared to the echo-top height, computed 

by determining the maximum height within the grid column at which reflectivity is 

greater than 0 dBZ. In addition to echo-top heights, the maximum height of the 30-

dBZ contour is also computed to better understand the vertical intensity of convection 

during NAME. The choice of using the 30-dBZ contour is based on Zipser (1994) and 

Petersen et al. (1996) who found that lightning production, and therefore possibly 

larger supercooled water and ice water contents, are associated with the presence of 

the 30-dBZ contour above the freezing level.  

 

4.3.1. Frequency of Occurrence 

 Figures 4.4a-b show the number of convective points, normalized by area, 

observed for a given echo-top height and maximum 30-dBZ contour heights for water 

and land, respectively. Similar to results from the 2-D composites, convection in the 

S-Pol region, in general, occurs less frequently over water than land. However, an 

important feature that can be noted both over water and land are preferred peaks in 

echo-top heights at 5 km, 9 km, and 12 km, which can be roughly described as a 

trimodal distribution. A trimodal distribution in echo-top height occurrence was 

observed in previous studies of tropical rainfall over the W. Pacific ocean. Johnson et 

al. (1999) described a structure in echo-top height characterized by three dominant 

levels that were in close proximity to prominent stable layers: 2 km (top of the trade 

stable layer), 5 km (near the melting level), and 15-16 km (tropopause). It has been 
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proposed that the stable layers are of sufficient strength to retard or limit cloud growth 

(e.g., Johnson et al. 1996; Zuidema 1998), and convection that impinges upon these 

stable layers can promote enhanced detrainment near these levels (Bretherton and 

Smolarkiwicz 1989).  

 To examine the effects of stability on convection in NAME, Figure 4.5 shows 

the frequency distribution of temperature lapse rates exceeding certain thresholds for 

Mazatlan (located approximately 96 km from S-Pol) using 156 soundings during 

NAME. Although the relationship between peaks in stability and peaks in echo-top 

height frequency is not as strong as observed in Johnson et al. (1999), there is a 

notable stability maximum near 5 km (0ºC), likely related to the effects of melting ice 

within stratiform precipitation (Johnson et al. 1996); this suggests that the prominent 

peak in echo-top heights near this level may be associated with this layer of stability. 

The cause of the more prominent stability peak around 6 km is unclear, but may be 

related to radiative effects of the rapid moisture drop-off near this level (Figure 4.6) as 

described in Mapes and Zuidema (1996). The tropopause during NAME is located 

generally around 15.5 km and is therefore not represented in this diagram; however, 

the tropopause does represent a level of marked stability in the atmosphere, which 

could be associated with the echo-top height peak in frequency at 12 km. As 

previously mentioned, there are few points available above 12 km; however, this does 

not affect these results because these frequencies are normalized by area.  

 The peak in frequency of echo-top height at 9 km cannot be explained by 

Figure 4.5 due to the lack of a prominent peak of enhanced stability at this level. To 

search for another possible explanation for the higher frequency of echo-top heights at 
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9 km, a contoured frequency by altitude diagram (CFAD) of relative humidity with 

respect to ice for Los Mochis is provided (Figure 4.6). Although Los Mochis was 

located farther from S-Pol (297 km) compared to Mazatlan (96 km), Los Mochis is 

chosen to represent the moisture content of the S-Pol environment because the 

Mazatlan soundings have a significant dry bias, especially at low levels (Johnson et al. 

2007).  Figure 4.6 shows that below 6 km, relative humidities (RH) generally range 

between 60 and 80%. Above this level, the range of observed relative humidities 

increases dramatically, but with a greater frequency of very low relative humidities 

and a mean of about 45%. Entrainment of this dry air into convection at these levels 

would result in reduction of parcel buoyancy (Mapes and Zuidema 1996) and may 

provide a possible explanation for the observed peak in frequency of echo-top heights 

at 9 km. 

 Figures 4.4a-b also display the distribution of maximum 30-dBZ heights for 

convection over land and water, respectively. Again, these occurrences are normalized 

by the area over which the convection is observed.  The 30-dBZ heights follows a 

more normal distribution compared to the echo-top heights with peak 30-dBZ heights 

near the 0°C (about 5 km) then dropping off quickly with increasing height. The only 

notable difference between convection over land and water is the greater occurrence of 

significant 30-dBZ heights (about 5 km MSL) over land than over water. This further 

confirms the finding that convection over water in the S-Pol domain is less vertically 

intense than convection over land, despite having similar distributions in echo-top 

heights, and is likely due to the reduced instability over water compared to the 

intensely heated land. 
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 Normalized plots of echo-top and 30-dBZ height occurrence are partitioned 

into the three elevation groups over land (Figures 4.4c-e). The trimodal distribution of 

echo-top heights observed in the land plot (Figure 4.4a) is also present for the 0-1000 

m and 1000-2000 m groups; however, only the peaks at 5 km and 9 km are present 

over the SMO (> 2000 m). Nesbitt and Gochis (2007), using contours of brightness 

temperature from satellite observations, also found that convection over the high 

terrain (>2250 m) is rarely of tropopause depth. They speculate that the observed 

maximum height of convection over the high terrain is limited by the lack of moisture 

available at cloud base relative to the lower elevations, thus significantly reducing the 

convective available potential energy (CAPE) and available moisture for latent heat 

release. The greatest occurrence of echo-top heights over the lower terrain (0-1000 m) 

peaks at 12 km, whereas the largest peak for 1000-2000 m is at about 8 km, revealing 

an overall trend of decreasing echo-top heights with increasing elevation.  

Although there is a noticeable difference in echo-top height distributions with 

respect to terrain, 30-dBZ heights are similar for each elevation group with normal-

like distributions peaking around 5 km. DeMott and Rutledge (1998) found similar 

results when comparing radar data obtained from multiple cruises aboard R/V Vickers 

during the Tropical Ocean Global Atmosphere Coupled Ocean-Atmosphere Response 

Experiment (TOGA COARE). They concluded that despite the differences in echo-top 

height between cruises, convection, whether shallow or deep, was just as intense in 

terms of rainfall as shown by the observed similarities in 30-dBZ distributions. The 

observation of similar trends in 30-dBZ heights between elevation groups in NAME 

suggests that the shallower convection over the SMO is likely to be relatively efficient 
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at producing precipitation-sized particles. Furthermore, Nesbitt and Gochis (2007) 

concluded that the relatively shallow convection over the high peaks of the SMO 

rapidly produces precipitation and lightning despite the lack of available moisture. 

 

4.3.2 Contribution to Convective Rainfall 

 The contribution to total convective rainfall as a function of echo-top height 

and 30-dBZ height is shown in Figures 4.7a-e for over water, all land, and the three 

elevation groups over land. Overall, the greatest fraction of convective rainfall is 

produced by taller echo-top heights, in agreement with the expected trend that deeper 

convection tends to produce heavier precipitation than shallower convection (Leary 

1984). The contribution to convective rainfall for echo-top heights appears generally 

bimodal, as well as peaking at higher heights than the peaks for the echo-top height 

frequency in Figure 4.4. Analysis of contribution to convective rainfall as a function of 

30-dBZ height reveals a roughly normal distribution with a peak height at 5 km. 

Further investigation of differences between elevation groups shows a slightly larger 

percentage of convective rainfall associated with 30-dBZ heights greater than 5 km for 

the lower terrain (71%) compared to over the SMO (64%). Although 30-dBZ heights 

are similar in frequency for the different elevation groups, there is a greater 

contribution to convective rainfall from the deeper convection over the lower terrain. 
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4.4 Comparison of NAME Convection to Other Tropical Locales 

4.4.1 TOGA COARE 

 TOGA COARE was a study focusing on characteristics of tropical convection 

over the West Pacific Ocean warm pool (Webster and Lukas, 1992). In addition to 

frequency of occurrence analyses of echo-top and 30-dBZ heights for individual 

cruises (DeMott and Rutledge 1998), the contribution to convective rainfall (as a 

function of echo-top height) was investigated for all events during TOGA COARE 

(Johnson et al. 1999). The contribution to convective rainfall observed in NAME is 

compared to observations from TOGA COARE for echo-top heights (Figure 4.8). The 

TOGA COARE information, adapted from Johnson et al. (1999), reveals a similar 

bimodal-like structure to that for convection over water and land in NAME, in which 

all three distributions exhibit a secondary peak at 9 km and a primary peak at a higher 

echo-top height. Convection over land during NAME peaks again at 12 km; however, 

the over water convection in NAME and the TOGA COARE convective cells peak at 

14 km. The faster drop-off in height of the NAME convective rainfall profiles is 

indicative of a lower tropopause in the NAME region (about 15.5 km versus about 17 

km in TOGA COARE). In general, both tropical locales observed a similar trend of 

greater contributions of tropical convective rainfall tending to be produced by 

convection with taller echo-top heights. 

 

4.4.2. TRMM/LBA and EPIC 

Vertical trends in reflectivity during NAME are compared to reflectivity PDFs 

(similar to Figures 4.3a-c) constructed from radar data from the Tropical Rainfall 
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Measuring Mission/Large-Scale Biosphere-Atmosphere Experiment in Amazonia 

(TRMM/LBA; Figure 4.9a) and the Eastern Pacific Investigation of Climate Processes 

in the Coupled Ocean-Atmosphere System (EPIC; Figure 4.9b), obtained from Pereira 

and Rutledge (2006). TRMM/LBA was conducted over land; therefore, similar to 

observations over land from NAME, TRMM/LBA convection (Figure 4.9a) was 

generally more vertically intense than the oceanic convection observed during EPIC 

(Figure 4.9b) and over water during NAME (Figure 4.3b). Although frequent 

observations of reflectivities over 45 dBZ occur at greater heights for the easterly 

regime of TRMM/LBA (compared to westerly; Figure 4.9a) and northerly regime of 

EPIC (compared to southerly; Figure 4.9b), the occurrence of these higher 

reflectivities extend to even higher heights during NAME (roughly 7 km MSL) for 

both land and water (Figures 4.3a,b). Despite this difference, convection over land and 

water during NAME most closely resembles convection observed during TRMM/LBA 

(especially during the easterly regime) and EPIC, respectively. 
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Figure 4.1: Profiles of average reflectivity in terms of height (MSL) for a) total 
precipitation, b) convective precipitation, and c) stratiform precipitation are shown for 
all grid points within the S-Pol domain for all available volume scans. 
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a) 

 
 
 

Figure 4.2: Average reflectivities as a function of hour (LDT) are displayed in dBZ for 
each of the four elevation groups for a) convective precipitation. Averages are 
conditional in that they only include grid points with observed rain rates greater than 0 
mm h-1. 
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Figure 4.2: Average reflectivities as a function of hour (LDT) for b) stratiform 
precipitation. 
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Figure 4.3: Reflectivity probability density functions (PDFs) as a function of height 
(in km MSL) for a) land, b) water, and c) the difference between land and water. 
Reflectivities are binned from 15 to 55 dBZ by 5-dBZ increments. 



 49

 

Figure 4.4: Number of convective points observed from S-Pol with respect to echo-top 
heights and 30-dBZ heights for a) over water, b) all land, c) 0-1000 m, d) 1000-2000 
m, and e) > 2000 m. Number of occurrence is normalized by the total area within the 
elevation group. 
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Figure 4.5: Cumulative frequency (percent) of stability (dT/dz) greater than -5° 
(solid), -4°(dashed), and -3° C km-1 (dotted) for Mazatlan (23.2°N, 106.4°W) using 
156 soundings during NAME. 



 51

 

 

Figure 4.6: Contoured frequency by altitude diagram (CFAD) of relative humidity 
with respect to ice for Los Mochis (25.7°N, 109.1°W). The solid line represents the 
mean relative humidity profile for the 207 soundings. 
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Figure 4.7: Contribution to total convective rainfall from S-Pol with respect to echo-
top heights and 30-dBZ heights for a) over water, b) all land, c) 0-1000 m, d) 1000-
2000 m, and e) > 2000 m. 
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Figure 4.8: Comparison of contribution to convective rainfall from NAME (land and 
water) and TOGA-COARE (all water). Information for TOGA-COARE is adapted 
from Johnson et al. (1999) for all events. 
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Figure 4.9: Reflectivity PDFs taken from Pereira and Rutledge (2006) for a) 
TRMM/LBA and b) EPIC. The top (bottom) panels represent the easterly (westerly) 
and northerly (southerly) regimes for TRMM/LBA and EPIC, respectively.
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CHAPTER V 

Analysis of Warm-cloud Depths as a Function of Topography 

 

5.1 Gridded Surface and Upper-air Analyses 

 Although it is shown that convection over the lower terrain in NAME was 

more vertically intense and extended to greater heights than over the SMO, this does 

not necessarily explain the observed trend in rainfall intensity with respect to terrain 

(larger peak rain rates over low terrain compared to over the highest terrain). We seek 

to investigate possible differences in warm-cloud depths with elevation, and the role 

these differences may contribute to controlling peak rainfall intensity as a function of 

elevation. Nesbitt and Gochis (2007) demonstrated the tendency for convection over 

the western slopes of the SMO to be comparatively shallow, with cloud base heights, 

estimated using a method from Stull (1995), less than 1.0 km (AGL) on average. For 

this study, lifting condensation levels (LCLs) and melting levels are computed to 

further investigate this variation in cloud depth with elevation. 

 The NAME radiosonde dataset, profiler wind data from the NCAR Integrated 

Sounding System (ISS) sites, QuikSCAT retrieved surface oceanic winds at 0000 and 

1200 UTC, and data from 157 surface sites (including METAR surface reports from 

83 sites, 13 HOBO recorders, three ISS sites, data from the Mexican Navy’s Research 

Vessel Altair, nine Navy sites, 23 Sonoran agricultural sites, and 25 SMN automated 

sites) are used to objectively analyze surface and upper-air fields at 6-hour, 1º 
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horizontal and 25-hPa vertical resolutions (from 1000 to 25 hPa) over the area 

encompassing 22ºN-35ºN, 115ºW-100ºW. This domain is referred to as the T1A 

domain (Johnson et al. 2007) and is displayed in Figure 5.1. Analyzed fields used in 

this study include geopotential height (m), temperature (ºC), water vapor mixing ratio 

(g kg-1), and surface pressure (mb) from the Version 3 Colorado State University 

(CSU) gridded analyses (Johnson et al. 2007), and these fields are gridded using the 

multiquadric interpolation scheme of Nuss and Titley (1994). Data are available at 

0000, 0600, 1200, and 1800 UTC for 7 July through 15 August and are used to 

compute lifting condensation levels (LCLs) and melting levels over each of the 1º-grid 

points.  

 

5.1.1 LCL and Melting Level 

  Lifting condensation levels (LCLs) and melting levels were computed over 

each of the 1º-grid points from the CSU gridded analyses. The LCL was computed, 

following Normand’s Rule (Wallace and Hobbs 1977), by decreasing the temperature 

of the surface parcel dry adiabatically with height, using this temperature to compute 

the saturation mixing ratio at each vertical level, then determining the minimum level 

at which the computed saturation mixing ratio was equal to the observed surface water 

vapor mixing ratio. In some cases, especially over the higher terrain, this condition 

was not met above ground level; therefore, over the SMO, LCLs were given the value 

of the local terrain elevation. Observations during NAME indicated that cloud bases at 

night frequently intercepted the higher terrain of the SMO, making this a reasonable 

assumption (Nesbitt and Gochis 2007). Figure 5.2 shows the LCLs (above MSL), 
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averaged over the EOP period during NAME, for the domain corresponding to the 2-D 

composites. The average LCL increases in height with increasing elevation, and 

provides a rough estimate of cloud base height of about 0.5 km MSL over the lower 

terrain, which increases to approximately 2.5 km MSL over the SMO; these estimates 

are consistent with cloud base heights computed by Nesbitt and Gochis (2007). The 

melting level is estimated by finding the minimum level at which the observed 

temperature falls between -4º and -1.5ºC; these values are chosen to avoid brightband 

contamination when computing statistics at this level. The average melting level for 

the T1 domain is approximately 5 km, consistent with the layer of enhanced stability 

at roughly 5 km observed from the Mazatlan sounding.1  

 

5.1.2 Warm-Cloud Depth 

 Figure 5.3 shows a cross section at 24ºN of the LCLs and melting level 

averaged over the EOP period during NAME for the region between 109ºW and 

105ºW. The average warm-cloud depths are also shown in Figure 5.3, and are 

computed as the distance between the LCL and melting level ( in m) in order to 

determine the depth of the layer through which warm-rain processes occurs. 

Topographic information is smoothed by computing the average elevation from the 

0.02º grid over the 1º grid box from the T1A domain. As would be expected, there is a 

decreasing trend in the depth over which collision and coalescence occurs with 

increasing elevation, reflecting the shallower convection over the SMO compared to 

                                                 

1  Upper-air gridded analyses over the SMO represent an interpolation from sounding sites on 
the western Mexican coast to sites a few hundred km to the east of the SMO crest, and thus may not 
accurately represent conditions over higher elevations. Therefore, caution should be taken when using 
these results for analyses other than qualitative comparisons. 
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over the coast. Average warm-cloud depths vary from roughly 4500 m over the lower 

terrain to 2500 m over the higher elevations of the SMO. 

 

5.2 Simplified Model of Stochastic Drop Growth 

 In order to determine the impact of changes in warm-cloud depth on maximum 

precipitation intensity, a simplified model of stochastic drop growth from the 

Colorado State University Regional Atmospheric Modeling System (RAMS) 

microphysics algorithm is used to simulate maximum rain rates with varying warm-

cloud depths. 

 

5.2.1 Model Details 

RAMS uses a quasi-binned approach to the warm-rain, collision-coalescence 

scheme in which an initial gamma drop size distribution of hydrometeors is 

decomposed into 36 mass-doubling bins (Saleeby and Cotton 2006). Bin collection 

interactions are computed using the method of moments from Tzivion et al. (1987), 

and the evolution of the distributions are predicted through vapor 

deposition/evaporation, stochastic coalescence, and sedimentation (Saleeby and 

Cotton 2004). For this study, evaporation is ignored, and the initial distribution of 

hydrometeors is only allowed to grow through collection of cloud droplets in the 

warm-cloud layer. The shape parameter of the initial gamma distribution is set to 

correspond to a Marshall-Palmer drop size distribution (Marshall and Palmer 1948). 

Further simplifications to the RAMS stochastic growth scheme include 

assuming an initial rain mixing ratio of 2 g kg-1 and an initial drop concentration of 
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3800 m-3, yielding an initial average drop diameter of 1 mm. These parameters are 

specified at the 5 km MSL level, corresponding to the 0ºC level and, therefore, the top 

of the warm-cloud zone. This drop size diameter results in an initial reflectivity of 

about 36 dBZ, corresponding to a rain rate of 10 mm h-1, which is similar to the 

observed initial average precipitation rate of 17 mm h-1. This observed precipitation 

rate was computed by determining the average reflectivity at 5 km, then applying the 

Z-R relationship used in the composites to determine an estimated rainfall rate at this 

level. 

The distribution of hydrometeors with these characteristics then allowed to fall 

through the warm-cloud region, containing an initial cloud droplet concentration of 

300 cm-3. A typical value for cloud liquid water of 1 g kg-1 is used, giving an initial 

averaged cloud droplet diameter of 18 µm. A reduced cloud droplet concentration of 

100 cm-3 was also tested, but changes in the results were minimal. The increase in 

mean diameter (resulting from a lower droplet concentration) results in a higher 

collection efficiency, but this is counteracted by fewer droplets to collect, therefore 

balancing each other. The liquid water content therefore does not change in this 

situation, resulting in almost no change in precipitation rates. Autoconversion is turned 

off to only allow for collection of cloud droplets by raindrops (i.e., no self-collection 

of cloud droplets allowed). 

 

5.2.2 Model Results 

 Maximum precipitation rates for warm-cloud depths of 1500 m, 2500 m, 3500 

m, and 4500 m are determined after a 30-min model run, at which the final rain 
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spectrum achieves equilibrium. Maximum precipitation rates corresponding to warm-

cloud depths of 1500 m, 2500 m, 3500 m, and 4500 m are 36, 38, 41, and 51 mm h-1, 

respectively, revealing a simulated trend of increasing precipitation intensity with 

increasing warm-cloud depth.  For comparison, average convective rainfall intensities 

are computed from the 2-D radar composite domain. All grid points classified as 

convective were divided into the four elevation groups, then averaged over the entire 

NAME period. Average convective rainfall intensities were 11.55 mm h-1 for over 

water, 15.83 mm h-1 for 0-1000 m, 14.96 mm h-1 for 1000-2000 m, and 9.78 mm h-1 for 

greater than 2000 m, showing increasing rain rates with decreasing elevation, and 

therefore, increasing warm-cloud depth. These were smaller in magnitude compared to 

the simulated intensities because grid points included in the averaging are not confined 

to only the most intense convection, but also convective grid points that barely met the 

threshold. Also, evaporation is neglected in the model simulation; Nesbitt and Gochis 

(2007) presumed that significant evaporation exists over the interior coastal plain and 

foothills, and this sub-cloud evaporation is thought to decrease surface rainfall 

accumulations. This could also be a possible explanation for the higher simulated rain 

rates compared to the observed averages. Although different in magnitude, the 

observed trend of decreasing convective precipitation intensity with increasing 

elevation corresponds qualitatively with the trend produced from the model 

simulation, suggesting that the differences in warm-cloud depth between elevation 

groups may explain the differences in peak rainfall rates with respect to elevation. 
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Figure 5.1: Schematic showing the domains for the CSU upper-air and surface gridded 
analyses. The T1A is used in this study, and data is available for 1º-grid boxes. 
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Figure 5.2: Lifting condensation levels (in m, MSL) estimated from the 1º-resolution 
CSU-NAME upper-air and surface analyses during the EOP are contoured over the 
domain corresponding to that of the 2-D composites. LCL contours are overlaid by 
elevation (in m) from the 0.02º-resolution topographic data. 
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Figure 5.3: The average lifting condensation levels (LCLs), melting level, smoothed 
elevations, and warm-cloud depths are plotted for a cross section along 24ºN. Average 
warm-cloud depths are determined as the difference in height between the melting 
level and the LCL. Elevation values less than 0 m indicate water.
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CHAPTER VI 

Summary and Future Work 

 

6.1 Summary of Results 

The NAME radar network provided unprecedented observations of 

precipitation systems within the NAM. Diurnal characteristics of precipitation are 

poorly represented in numerical simulations of the NAM (e.g., Collier and Zhang 

2007); therefore, this study aimed to contribute to the basic understanding of trends in 

precipitation intensity and frequency as a function of time of day as well as local 

terrain. Cumulative distribution functions of rainfall totals, computed from the 2-D 

composites of rain rates from the radar network, reveal a transition to heavier 

precipitating events with decreasing elevation. The greatest 15-min and daily rain 

totals are confined to the lowest elevations compared to over the SMO (> 2000 m). 

This implies the possibility for intense precipitation to occur over the foothills of the 

SMO, but these events are not as likely to be sustained for the same duration as those 

over the lower terrain. These results are consistent with trends found using the NERN 

from Gochis et al. (2007). A pronounced diurnal trend in precipitation frequency and 

intensity is observed using the 2-D rain rate composites from the NAME radar 

network. Also consistent with NERN results, the diurnal cycle is characterized by 

frequent, low-intensity precipitation initiating over the SMO around 1600 LDT. This 

precipitation organizes as it propagates toward the coast, leading to high intensity, but 
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less frequent precipitation over the lower terrain during the morning hours around 

0800 LDT. 

 Elevation-dependent trends in precipitating features were further investigated 

using a 3-D dataset created from S-Pol. Each of these grid points was subjected to a 

convective-stratiform partitioning algorithm based on Yuter and Houze (1997, 1998), 

and vertical profiles of reflectivity were constructed for both convective and stratiform 

precipitation. These profiles indicate a tendency for precipitation, especially 

convective, to be more vertically intense over the lower terrain than over the SMO. 

Analysis of the diurnal cycle of these reflectivity profiles show that the most intense 

convection over the low terrain, in terms of reflectivity, occur during the evening and 

early morning. The intense convection that occurs over the SMO is limited to the 

afternoon, consistent with diurnal trends of near surface precipitation observed using 

the 2-D composites from the entire network. Reflectivity information provided by the 

S-Pol composites also allowed for analysis of echo-top and 30-dBZ height 

distributions as a function of terrain. Over both land and water, there is a tendency for 

a trimodal distribution in echo-top heights, with peaks at 5 km, 9 km, and 12 km. The 

peaks at 5 and 12 km can likely be explained by layers of enhanced stability present 

near these levels that limit growth of convection, whereas the peak observed at 9 km is 

likely due to dry air entrainment. The peak at 12 km is absent over the SMO (> 2000 

m), indicating the tendency for convection over the higher terrain to be shallower than 

over the coast. The distribution of 30-dBZ heights is similar for each elevation group, 

with a peak at the melting level, suggesting that the trends in rainfall are not 
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necessarily dependent on echo-top height, but rather dependent on the internal vertical 

intensity as denoted by 30-dBZ heights.  

 To further investigate possible explanations for the observed trends in 

precipitation frequency and intensity, the CSU-NAME upper-air and surface gridded 

analyses were used to obtain average LCLs and melting levels to compare warm-cloud 

depths over the various elevation groups. As hypothesized, there is a decreasing trend 

in warm-cloud depth with increasing elevation, reflecting the shallower convection 

over the SMO compared to the lower terrain. Warm-cloud depths range from an 

average of 4500 m over the lowest terrain to 2500 m over the SMO. A simplified 

model of stochastic droplet growth from the Colorado State University RAMS 

microphysics algorithm was used to determine the impact of these differences in 

warm-cloud depth on maximum precipitation intensity. The model allowed an 

assumed initial drop size distribution to fall through the melting level and grow 

through coalescence for 30 minutes to determine maximum precipitation rates for 

warm-cloud depths of 1500 m, 2500 m, 3500 m, and 4500 m. Maximum rates, 

corresponding to these depths, are 36 mm h-1, 38 mm h-1, 41 mm h-1, and 51 mm h-1, 

respectively. This simulated trend of decreasing convective precipitation intensity with 

increasing elevation corresponds qualitatively to the observed trend, suggesting that 

the differences in warm-cloud depth between elevation groups could explain the 

differences in rainfall rates with respect to elevation.  
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6.2 Future Work 

 This study emphasized the elevation-dependent diurnal trends in precipitation 

frequency and intensity, as well as provided a possible explanation for these 

observations based on variations in warm-cloud depth. To fully understand the 

mechanisms for these observed trends in precipitation, additional information 

regarding the diurnal variation in moisture transport in association with the terrain 

(Nesbitt and Gochis 2007) and the dynamical forcing that results in the propagation of 

the frequent convection over the SMO to over the coast (Gochis et al. 2004) need to be 

further examined. In addition, there is a vast amount of polarimetric data collected 

from S-Pol during NAME that may provide further details regarding the microphysical 

variability of convection as a function of terrain. This study only analyzed warm-rain 

processes; the polarimetric information will allow for further analysis of ice processes 

as well as to provide a better understanding of trends in rainfall production. These 

detailed analyses could aid in further improvements for modeling the elevation-

dependent diurnal characteristics of convection in the core monsoon region, and 

ultimately improve prediction of warm-season precipitation associated with the North 

American Monsoon.
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